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Abstract

In most emissions scenarios consistent with the temperature targets of the Paris Agreement,
carbon dioxide removal (CDR) would be required to achieve net negative emissions. The
efficiency of CDR depends on the behavior of the natural carbon reservoirs, land and ocean,
that regulate atmospheric CO2 concentrations, but their change in response to negative
emissions is highly uncertain. Here, we investigate the response of the terrestrial and
oceanic carbon cycle to negative emissions based on an idealized emission-driven
simulation using a state-of-the-art Earth system model. The terrestrial and oceanic carbon
sinks become carbon sources ~30 years after the onset of negative emissions. Thereafter,
although the atmospheric CO2 concentration returns to its initial level, the terrestrial
ecosystem and the ocean continue to release carbon. The ocean recovers as a carbon sink
within a few decades, while the terrestrial ecosystem remains a carbon source until the end
of the simulation. The prolonged carbon emissions from the land are due to the delayed
response of respiration to the earlier increase in terrestrial carbon uptake. As a result, the
total carbon stock on land gradually decreases but still remains higher than its initial state.
The ocean carbon inventory shows an irreversible change within a few centuries due to the
accumulation of anthropogenic CO: in the deep ocean, which would take more than

centuries to be removed naturally.
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Plain Language Summary

Over the past few centuries, large amounts of anthropogenic CO2 have been emitted into
the atmosphere. The CO2 concentration has now exceeded 400 ppm, which is the result of
a balance between anthropogenic emissions and uptake by land and oceans. This increase
in CO2 concentration has led to various climate crises and, as a result, we need to remove
CO2 from the atmosphere and return it to the present climate levels using technologies such
as carbon capture and storage (CCS). We have studied the response of the global carbon
cycle to negative emissions using the state-of-the-art Earth System Model. Land and oceans,
which normally absorb the anthropogenic CO2 emitted, switch to an outgassing role after
a few decades of negative emissions. Once the CO2 concentration recovers to current
climate levels, land and oceans respond differently due to their distinct processes involved
in the carbon cycle. Land will continue to release CO2 to the atmosphere because CO2
emissions by soil respiration and fire exceed the net primary production over a prolonged
period. On the other hand, the role of the oceans shifts from CO: outgassing to CO2 uptake
within a few decades, contributing to the stabilization of atmospheric CO2 at 430 ppm,
about 50 ppm above the initial level. The ocean's carbon inventory is undergoing
irreversible changes because the absorbed anthropogenic COz is being transported to the
deep ocean, which would take millennia to return to the surface. Therefore, the ocean needs
more than several centuries to remove the anthropogenic carbon footprint in the interior of

the ocean.
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1. Introduction

Anthropogenic carbon dioxide (COz) emissions have been causing global warming
since the pre-industrial era, which will persist and lead to further changes in the climate
system, with adverse impacts on environment and lives (Carleton & Hsiang, 2016; Collins,
2013; IPCC, 2018; Matthews et al., 2009). To reduce climate change-induced risks, most
countries adopted the Paris Agreement, whose the central objective is to pursue efforts to
limit global warming to well below 2 °C, and preferably to 1.5 °C, compared to pre-
industrial levels (UNFCCC, 2015). In most analyzed pathways consistent with these
climate targets, anthropogenic CO2 emissions should reach net zero and then net negative,
and in this process, the use of carbon dioxide removal (CDR) should be necessary (Gasser
et al., 2018; Rogelj et al., 2018). However, the effectiveness of CDR is uncertain due to a
poor understanding of the future behavior of the global carbon cycle under net negative
emissions (IPCC, 2018; Keller et al., 2018; Matthews et al., 2021; Schwinger et al., 2022a).

Land and ocean, major natural carbon (C) reservoirs that exchange CO2 with the
atmosphere, currently absorb almost half of the anthropogenic CO2 emissions and are key
factors in regulating atmospheric COz concentrations (Friedlingstein et al., 2022). However,
the rate of CO2 uptake by land and ocean is sensitive to the changes in climate and
atmospheric CO2 concentrations (Arora et al., 2020; Heimann & Reichstein, 2008), and
this rate may change or even may become a C source under negative emissions (Koven et
al., 2023; Schwinger et al., 2022a). That is, the efficiency of CDR deployment depends on
the behavior of natural C reservoirs under mitigation pathways—whether land and ocean

will absorb or emit CO2, and how much.
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To date, we have indirectly assessed the CO2 fluxes from land and ocean under
negative emissions mainly using idealized CO2 ramp-up and ramp-down experiments, such
as climate and carbon cycle reversibility experiment (CDR-reversibility) and SSP5-3.4-
overshoot scenario (Boucher et al., 2012; Chimuka et al., 2022; Keller et al., 2018; Koven
et al., 2022; Melnikova et al., 2021; O’Neill et al., 2016; Park & Kug, 2022; Zickfeld et al.,
2016; Ziehn et al., 2020). These studies have consistently shown that natural C sinks are
enhanced during the CO2 ramp-up period. However, during the CO2 ramp-down period,
they turn into C sources with a time lag of decades, demonstrating the existence of
hysteresis in the global carbon cycle with respect to CO2 concentrations.

However, because previous studies are mostly based on the concentration-driven
simulations, it is still unclear how the hysteresis of global carbon cycles is directly linked
with negative emissions. While CO: emissions can be inferred in these idealized
concentration-driven experiments, the abrupt and large emissions reduction is required for
the instantaneous change from positive to negative emissions, which creates a highly
discontinuous and unrealistic emissions pathway (Boucher et al., 2012; Koven et al., 2023;
Schwinger et al., 2022a). Furthermore, concentration-driven simulations cannot fully
reflect the interactions between the climate system and the carbon cycle since atmospheric
COz2 concentrations do not respond to terrestrial and oceanic CO: fluxes (Hajima et al.,
2014; IPCC, 2019; Jones et al., 2013). Therefore, an emission-driven simulation with more
plausible assumptions using a state-of-the-art Earth system model is needed.

We thus designed an idealized CO: emissions pathway towards net negative
emissions, assuming the gradual reduction of emissions through the continuous

development of CDR technology, to avoid the unrealistic emissions pathway with sharp
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discontinuity. Starting from the year 2000, anthropogenic emissions are increased linearly
for 50 years based on the SSP5-8.5 scenario and then gradually reduced at the same rate
for 147 years until the atmospheric CO2 concentration returns to its initial value, allowing
net zero and subsequent negative emissions. Thereafter, emissions are kept at net-zero until
the year 2400 (Figure 1a, see Methods for details). This emission-driven experiment was
conducted using the Community Earth System Model, version 2 (CESM2) (Danabasoglu
et al., 2020).

The main goal of this study is to improve our understanding of the global carbon
cycle’s response to negative emissions. Specifically, we address the following questions:
(1) How does the global carbon cycle respond under this emission pathway and regulate
atmospheric CO2 concentrations? (2) What are the major processes or driving mechanisms
responsible for the changes in terrestrial and oceanic COz fluxes? (3) How does the global

carbon cycle interact with the climate system?

2. Methods

2.1. Model Configuration
CESM2 was used to perform an idealized CO2 emission-driven simulation. This
model consists of physical components, such as atmosphere, ocean, land, and cryosphere,
which are fully coupled to the land and ocean carbon cycles (Danabasoglu et al., 2020).
The atmosphere model is the Community Atmosphere Model version 6 (CAM6), which
has a horizontal resolution with 1.25° in longitude and 0.9° in latitude, and 32 vertical
layers. The ocean and sea ice models are the Parallel Ocean Program version 2 (POP2)

(Danabasoglu et al., 2020; Smith et al., 2010) and the Community Ice CodE version 5
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(CICES) (Bailey et al., 2020). The ocean model has a uniform horizontal resolution of
1.125° in the zonal direction, and varying resolution in the meridional direction, with the
finest resolution at the Equator (0.27°). It contains 60 vertical layers, with 20 layers
concentrated in the upper ocean (up to ~200m).

The Community Land Model Version 5 (CLMS5) (Lawrence et al., 2019), which
represents the carbon and hydrological cycles in the land in CESM2, has achieved
significant advances through implementation of new and updated processes and
parameterizations. Key improvements include a better representation of cumulative CO2
uptake and the seasonal cycle of net ecosystem production (Bonan et al., 2019; Collier et
al., 2018; Lawrence et al., 2019). The CLMS also implements a prognostic fire model and
an explicit representation of agricultural management (Li et al., 2013; Li & Lawrence, 2017,
Lombardozzi et al., 2020). We note that CLM5 does not include dynamic vegetation
biogeography, and vegetation distributions are prescribed and held at the present-day
condition (year 2000) (Oleson et al. 2013). The ocean carbon cycles in CESM2 are
represented by the Marine Biogeochemistry Library (MARBL) (Long et al., 2021). This
module includes fully prognostic carbonate chemistry, nutrient cycles, phytoplankton
functional groups, and zooplankton. The biogeochemical variables interact with other
spheres: atmospheric deposition of iron and riverine fluxes including nutrients, carbon, and

alkalinity.

2.2. Experimental Design
We designed and performed an idealized negative emissions simulation to avoid

discontinuity and increase feasibility in CO2 emission pathway (Figure 1a). Specifically,
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anthropogenic COz emissions are increased linearly from 2000 to 2050, based on the SSP5-
8.5 scenario (1.09 GtCO:z increase per year), and then gradually reduced at the same rate
until the global mean surface atmospheric CO2 concentration recovers to its initial value
(~383 ppm; year 2197); the reversal of net CO2 emissions (from positive to negative)
occurs in year 2124. Following the recovery of atmospheric CO2 concentrations, net
negative emissions cease and CO:2 emissions are maintained at zero from year 2197 to the
end of the simulation (year 2400).

This simulation is an emission-driven run: Atmospheric CO2 concentrations are
determined not only by prescribed anthropogenic CO2 emissions but also by terrestrial and
oceanic CO2 fluxes. All non-CO2 conditions, such as land use and non-CO2 greenhouse
gas forcings, are kept at the present-day (2000) levels. To reduce the uncertainty, three

ensemble members with slightly different initial conditions are considered.

3. Results

3.1. Global carbon cycle and climate system response to negative emissions

Land and ocean CO: fluxes show a similar temporal evolution for a given idealized
emissions pathway, with similar magnitudes of the change (Figure 1a). As anthropogenic
CO2 emissions increase, the uptake of carbon by the land and oceans increases, reaching a
maximum shortly after the peak of anthropogenic emissions. Subsequently, as
anthropogenic emissions decrease, the amount of C sink gradually decreases, and land and
ocean eventually become carbon sources with a lag of ~30 years after the onset of negative
emissions. They reach the maximum carbon loss just before the onset of zero emissions

("restoring period") and then tend to recover to near zero CO2 exchange rates with the
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atmosphere, but with different recovery times: the oceanic CO2 outgassing declines rapidly
from its maximum (13. 5 GtCOz in 2196) to less than 1 GtCO2 within 16 years, while
terrestrial CO2 fluxes show a slow recovery with greater interannual variability. It takes
~60 years for the terrestrial carbon loss to decrease from the maximum (16.9 GtCO: in
2194) to less than 1 GtCOz. As a result, the cumulative carbon loss from land (786 GtCOz)
during the negative emissions and the restoring periods is much greater than that from the
ocean (308 GtCOz). This evolution of terrestrial and oceanic COz fluxes is quite similar to
that shown in the SSP5-3.4 overshoot scenarios and the CDR reversibility experiment
(Koven et al., 2022, 2023; Melnikova et al., 2021; Park & Kug, 2022).

The change in atmospheric CO2 concentrations is determined by the sum of
prescribed anthropogenic emissions and terrestrial and oceanic CO:2 fluxes. The
atmospheric COz2 level peaks in the year 2107, when anthropogenic emissions are balanced
with the combined C uptake by the ocean and land, and then begins to decline with
decreasing CO2 emissions, reaching a minimum in the year 2196. Thereafter, despite the
cessation of the negative emissions (onset of net-zero emissions), atmospheric CO2
concentrations rise again (~48 ppm) from year 2196 to 2270 due to continued C release
from land and oceans and then gradually reach equilibrium. After about 1500 PgC of
cumulative anthropogenic emissions from 2000 to 2123, about 800 PgC of artificial CO2
removal would be required to restore the initial atmospheric CO:2 concentrations of the year
2000. However, the initial recovery of CO2 concentrations is only temporary due to the
ongoing C loss from land and ocean, so additional CO2 removal will be required to fully

restore CO2 concentrations to the present climate levels.
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Global mean near-surface air temperature (SAT) and precipitation (PRCP) change
with COz concentrations, but lag behind the radiative forcing due to the thermal inertia of
the ocean after the COz peak (Figure 1b) (Boucher et al., 2012; Cao et al., 2011; Hare &
Meinshausen, 2006; Wigley, 2005; Wu et al., 2010): As CO:z concentrations increase, both
SAT and PRCP increase but show a delayed peak, after which they decrease slowly relative
to their increase. This delay is particularly pronounced for precipitation, and further
research is needed to investigate the underlying causes. During the restoring period, SAT
and PRCP increase again due to the rebound in CO2 concentrations, but these changes are
much greater than those that occurred previously at the same level of CO: increase. These
amplified responses can be partly attributed to the recovery of the Atlantic Meridional
Overturning Circulation (AMOC): With global warming, the AMOC gradually weakens
and the high latitude North Atlantic surface cools down, partially offsetting the global SAT
increase. As the AMOC strengthens during the CO2 reduction period, the AMOC transports
more heat from the equator to the high latitudes, significantly increasing the global
temperatures, especially in the Northern Hemisphere. This is consistent with the previous
results shown in SSP5-3.4-overshoot scenarios and CDR-reversibility experiments (An et
al., 2021; Koven et al., 2022; Kug et al., 2022; Schwinger et al., 2022a, b). This result
implies that the level of global warming cannot return to its original state for at least
hundreds of years, even if atmospheric CO2 concentrations recover.

In summary, land and ocean, natural C sinks, contribute to the reduction of
atmospheric CO2 concentrations until decades after the onset of the net-negative emissions.
However, they subsequently switch to C source, thereby reducing the effectiveness of CDR,

which is in line with previous studies (Boucher et al., 2012; Chimuka et al., 2022; Park &
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Kug, 2022; Zickfeld et al., 2016a). Although net-zero emissions are prescribed after the
initial recovery of CO2 concentrations, atmospheric CO: levels rise again due to continued
C emissions from land and ocean. In addition, the recovery of the AMOC leads to global
warming, which may affect the terrestrial and oceanic carbon cycle together with the
rebound of atmospheric CO2 during the restoring period. In the following sections, we
examine the responses of the terrestrial and oceanic carbon cycles in more detail in order

to better understand the changing role of C reservoirs under negative emissions.

3.2. Delayed terrestrial ecosystem carbon release in response to the negative emissions
The temporal evolution of land SAT and PRCP is somewhat different from the
global mean response (Figures 2a and 1b). The change in land temperature is almost
reversible during the changing CO:2 period, and strong re-warming occurs during the
restoring period. There is no lagged response in land precipitation, which rather decreases
faster than the rate of its increase. Subsequently, an overshoot of PRCP occurs at the end
of changing COz, after which the PRCP increases again, above the level at the peak of CO2
concentrations. Changes in the climate system as well as in CO2 concentrations affect the
terrestrial ecosystem processes, thereby regulating terrestrial C fluxes. Changes in net C
uptake by vegetation, i.e., net primary production (NPP), are mainly driven by the CO2
fertilization effect -an increased rate of photosynthesis with increasing CO2 concentrations-
and show a reversible response to CO2 concentrations (Figure 2b) (Ainsworth & Long,
2005; Chimuka et al., 2022; Drake et al., 1997; Park & Kug, 2022). During the restoring

period, NPP increases due to the rebound of CO2, but this change is about 3 PgC/yr greater
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than the previous response for the same CO2 concentration change, due to the warmer and
wetter climate conditions.

This photosynthetic C gain is allocated to vegetation C pools (e.g. leaf, stem, and
root), and part of the biomass of each plant part enters the litter pool at different turnover
rates: e.g., fastest in leaves (Oleson et al., 2013). Fresh litter is gradually decomposed into
more recalcitrant forms (soil organic matter). Decomposition proceeds in multiple stages,
with rapid initial loss of labile compounds followed by slower loss of recalcitrant materials
(Bonan, 2019). To represent these different rates of decomposition of litter and soil C,
which depend on the chemical properties, and the different litterfall rates for each plant
part, multiple C pools system is introduced in the model. Each C pool (vegetation, litter,
and soil) exhibits the intrinsic lagged response to increasing C inputs (Figure 2c¢). In
addition, as C flows from plant to litter and then to soil, the peak of litter C lags behind
vegetation C, and the soil C pool lags even further. The soil C pool exhibits a significantly
delayed response and the slowest decline compared to the other C pools due to its slowest
decay rate.

The parts of C absorbed by the terrestrial ecosystem are released to the atmosphere
by microbial respiration or by wildfires. Fire C emissions show little change throughout
the simulation period, possibly due to underestimated sensitivity in the present model,
while heterotrophic respiration (HR) changes in amplitude similar to NPP but shows a
delayed response to CO:2 concentrations (Figure 2b). HR increases with increasing NPP,
peaks at the onset of negative emissions, and then begins to decrease slowly relative to its
increase. During the restoring period, HR approaches equilibrium and remains higher than

that in the positive emission phase at the same CO2 concentrations.
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This delayed response of HR can be caused by either or both lag in the climate
system and the dead C pool (composed of litter and soil C), because the HR is primarily
regulated by the climate system and the size of the litter-soil C pool. Microbial
decomposition is enhanced by warmer and wetter conditions (Bond-Lamberty & Thomson,
2010; Orchard & Cook, 1983; Schlesinger & Andrews, 2000) and increased C input to the
dead C pool, referred to as a priming effect (Bastida et al., 2019; Koven et al., 2015). To
elucidate the mechanism of the delayed change in HR, we reconstructed the temporal
evolution of HR from a multiple linear regression based on climate factors (SAT and PRCP)
and factors associated with the terrestrial C cycle (NPP, litter, and soil C) (Figure S1). In
the model, as both litter and soil C are represented by partitioning into multiple pools with
different decay rates and the fastest litter pool exists, HR increases as fast as the rate of
increase in NPP, while the dead C pool responds more slowly (Koven et al., 2015;
Thompson et al., 1996). Therefore, NPP, litter C, and soil C are considered separately as
key factors for the priming mechanism, taking their different decay rates into account.

It is shown that the warmer and wetter climate condition caused by increasing
radiative forcing has only a small contribution to the HR change and this effect is reversible
for CO2 concentrations (Figure Sla). The main driver of HR change and its lag is the
priming effect due to CO: fertilization: the delayed response of HR during negative and
zero emissions is mainly due to the delayed increase of the litter-soil C pool and its slow
decay rate (Figure S1b). This effect gradually diminishes over time. However, during the
restoring period, HR increases slightly and remains high due to increased NPP and warmer
and wetter conditions. In summary, the delayed response of HR to changes in atmospheric

COz is a remnant of the previous COz increase, which is left by an inherent lag in terrestrial
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ecosystem processes, resulting in continuous terrestrial C loss for at least centuries after
the CO2 peak.

Consequently, the net atmosphere-land C flux, net biome production (NBP;
determined by the imbalance between NPP, HR, and fire C loss), is positive until decades
after the onset of negative emissions, demonstrating the well-known role of land as a C
sink (Friedlingstein et al., 2022). However, it becomes negative from the year 2153, when
the sum of HR and fire C loss exceeds NPP, which remains until the end of the simulation.
In conclusion, the terrestrial C loss lagging behind the onset of negative emissions is caused
by the intrinsic lag of terrestrial ecosystem processes to the previous increase in CO2
concentrations. This persists until the end of the simulation, resulting in a rebound of CO2

concentrations during the restoring period.

3.3. Latitudinal differences in response of terrestrial carbon cycle to negative emissions

The response of the climate system and the terrestrial carbon cycle to negative
emissions varies by latitude (Figures 3a and 3b). Land SAT lags behind the radiative
forcing at all latitudes, consistent with the global mean (Figure 1b), except in the mid-high
Northern Hemisphere (NH). In this region, the increase in SAT is maximum at the CO2
peak without delay, followed by a gradual cooling due to the decrease in the CO:2
concentrations and the weakening of the AMOC. As a result, the SAT anomaly reaches its
minimum at the lowest COz2 level, followed by a significant warming comparable to its
peak with the recovery of the AMOC during the restoring period. The change in the land
PRCP in the northern mid-high latitudes follows that of the SAT. However, precipitation

in the equatorial region increases and NH off-equatorial precipitation decreases, throughout
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the period of simulation. This might be associated with a narrowing of the intertropical
convergence zone and its southward shift (Kug et al., 2022).

In addition to the longer residence time of litter-soil C at high latitudes due to
slower decay rates in cold environments (Bird et al., 1996; Bloom et al., 2016; Wang et al.,
2018), these latitudinal differences in climate change cause a latitudinal dependence of the
terrestrial C cycle response to negative emissions. The change in terrestrial C fluxes is
concentrated in the tropics (10° S to 5° N) and mid-high latitudes (50° to 65° N), where
forest density is highest. The temporal evolution of NBP is similar at all latitudes, but the
transition from C sink to source is slower at higher latitudes (Figure 3b). In addition,
terrestrial C loss is weaker than C uptake at high latitudes, in contrast to the tropics where
the amplitudes of C uptake and loss are similar. That is, the total terrestrial C stock shows
a delayed response to COz, which is greater at high latitudes (Boucher et al., 2012; Park &
Kug, 2022; Ziehn et al., 2020).

To understand the regional differences in the lag times of the terrestrial C cycle,
we examined the temporal evolution of NPP and HR in the tropics and mid-high latitudes
(Figures 3c and 3d). In both regions, the NPP is reversible for the CO2 concentrations prior
to the restoring period, while the HR lags behind the increase in NPP and decreases slowly.
Particularly at mid-high latitudes, HR remains high with little decrease and rather slightly
increases during the restoring period. This is due to the largest lag in the soil C pool at high
latitudes, with the slowest decay rates (Figure S2), and also due to the warmer and wetter
conditions associated with the re-strengthening of AMOC. In addition, this climatic
condition, together with the rebound of COz, significantly increases the NPP in this region,

where cold environments limit vegetation growth (Xu et al., 2013; Zhu et al., 2016). During
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the restoring period, although the increased NPP partially contributes to the increase in HR,
the increased NPP exceeds the increase in HR. As a result, NBP returns to slightly positive
in high latitudes from the midpoint of the restoring period, which contributes to the
maintenance of the terrestrial C stocks. On the other hand, in the tropics, NPP increases
slightly but HR still remains high due to the delayed litter-soil C response. Consequently,
the tropical land emits C during most of the restoring period, gradually reducing the total

terrestrial C stock.

3.4. Ocean carbon release in response to the negative emissions

The ocean carbonate systems possess the ability to mitigate the escalating
anthropogenic COz emissions (Devries, 2022; Gruber et al., 2023), resulting in an increased
ocean carbon inventory via air-sea CO: flux. The global ocean uptake of CO: has a strong
linear dependence on the CO2 growth rate (Melnikova et al., 2021), leading to a surge in
the uptake of COz that peaks three years after CO2 emissions peak (~4 PgClyr, year 2053)
(Figure 4a). Following the peak, the oceanic uptake subsequently declines as the growth
rate of atmospheric COz reduces. Under the negative CO2 emissions, the oceanic uptake
continues to decrease until 2154, after which the ocean begins to release CO2 to the
atmosphere, changing its status from a carbon sink to a carbon source. In 2196, atmospheric
COz concentration becomes identical to the present-day levels (year 2000). Nevertheless,
oceanic surface DIC and pCO: levels are higher than those of 2000, leading to the
outgassing CO:z at a rate of about 4 PgC/yr, which is similar in magnitude to the peak CO2
uptake in 2050 (Chimuka et al., 2022; Schwinger & Tjiputra, 2018). The resulting

accumulation of oceanic CO2 uptake leads to the continuous increase and subsequent peak
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of ocean anthropogenic carbon (Cant) inventory at 380 PgC in 2153 with a time lag of ~30
years from the start of negative emissions. During the restoring period, the slight increase
in the Cant inventory is associated with weak uptake of COx.

Responses of the ocean carbon cycle exhibit latitude-dependent patterns as in the
land carbon cycle (Figures 4b). The evolutions of anomalous CO: flux are similar across
most latitudes with increasing anomalous uptake as CO2 emission increases and decreasing
uptake as CO2 emission decreases (Figures S4a). During the negative emissions, CO2
uptake anomalies are reversed to CO2 outgassing anomalies in most of the latitudinal bands.
However, the intensity of the anomalies and the timings of sign changes vary with latitude.
In mid-latitudes (around 25-50N or 25-50S) where the ocean surface currently acts as
strong carbon sinks (Landschiitzer et al., 2014; Takahashi et al., 2009), the CO2 uptake
anomalies tend to become outgassing from uptake faster than the global average. On the
other hand, the periods of positive CO2 anomalies persist longer in the tropical and
Southern Ocean (south of 60S). These different timing of transition can be partly explained
by the fact that the re-emergence times of subsurface water (equilibrated with higher
atmospheric pCOz2) tend to be shorter in subtropical gyres than in the tropical and Southern
Ocean (Schwinger and Tjiputra, 2018; Toyama et al., 2017). Under the negative emissions,
the carbon releases in the tropical oceans and the Southern Ocean intensify and the
outgassing areas expand meridionally. As a result, the Sothern Ocean becomes a carbon
source, except for marginal oceans near the Antarctic continent. Although the CO2
concentration recovers to the present climate level, the role of the Southern Ocean remains

a strong outgassing zone (Figure S5a, 0.3PgC/yr), of which CO: uptake contributes to
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decadal variability of ocean carbon sink in the present climate (DeVries et al., 2019;
Frolicher et al., 2015; Gruber et al., 2019).

After the cessation of the negative emission in 2196, the air-sea COz2 flux reaches
almost zero within a short period of ~22 years (Figure 4a), a typical time scale of upper
ocean ventilation (Galbraith et al., 2015). Consequently, the ocean resumes its role as a
carbon sink, releasing carbon (~17 PgC) into the atmosphere since the implementation of
zero emission. During the first decades of the zero emission, the carbon releases from land
and ocean are no longer counterbalanced by CO:z removal from the atmosphere, resulting
in a rebound of atmospheric COz. The oceanic pCOz also increases and the average oceanic
pCO2 remains higher than the atmospheric pCO:2 over the first 25 years of the restoring
period. Thereafter, the atmospheric COz level slightly surpasses the oceanic pCO2 level.
Due to this different timescale of rebounds in oceanic and atmospheric pCO2, the ocean
transitions from a source to sink despite an increase in pCOxz.

To comprehend the oceanic processes responsible for the changes in air-sea CO2
fluxes during the restoring period, it is necessary to investigate changes in pCO2 because
global ocean uptake of CO2 is predominantly influenced by geochemical processes rather
than physical climate changes (Arora et al., 2020; Arora et al., 2013; Friedlingstein et al.,
2022). The modulation of pCO: is typically associated with thermal factor, which is
regulated by sea surface temperature (SST), and non-thermal factors including dissolved
inorganic carbon (DIC), alkalinity (ALK), and sea surface salinity (SSS) (Orr et al., 2022;
Takahashi et al., 1993). Therefore, to assess the contributions of these potential drivers, we
use a Taylor expansion to decompose variations in pCO2 after neglecting second-order

terms and normalizing the salinity effect to DIC and ALK (Supporting Information).
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with freshwater flux (FW), normalized DIC (sDIC = DIC - S;/S ) and ALK (sALK =
ALK - §,/S) with reference salinity S, (Keeling et al., 2004; Wetzel et al., 2005).

Based on this climate-CO2 Taylor separation, we quantify the contributions of
individual drivers during the period of ocean recovery from a carbon source to a sink (year
2196 to 2220). The linear decomposition adequately replicates the original changes in
pCOa. Our analysis reveals that individual factors contribute to an increase in pCOz2 of
approximately 1.8ppm (SST), 0.9 ppm (FW), 16.2 ppm (DIC), and -2.5 ppm (ALK) (Figure
4c). These findings suggest that the recovery process is directly influenced by the
interaction between atmospheric CO2 and ocean chemistry, which contributes to the
relatively fast recovery compared to land surface COz2 flux.

Although atmospheric CO2 concentration almost recovers to present climate levels
with slight increases, the anthropogenic carbon remains sequestered in the deep ocean
(Figure 4d), with a value approximately 300 PgC higher than the current levels. During the
positive emission, Cant is taken up by the sea surface and transported to the subsurface
through a process called water mass formation and subduction. A major portion of the
subducted Cant spreads to the global ocean through deep ocean circulation and remains
sequestered from the atmosphere over multi-century timescales. Notably, Cant is
predominantly stored in the Atlantic Ocean and Southern Ocean (Figure S3) due to
relatively short timescales for upper ocean ventilation via North Atlantic Deep Water and
Subantarctic Mode Water (Gruber et al., 2019; Khatiwala et al., 2009; Sabine et al., 2004).
When the ocean transitions from a carbon sink to a carbon source, Cant is mainly released

from the tropical and Southern Ocean, where previously sequestered Cant is converged in
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the thermocline and subsequently upwelled to the surface, elevating surface DIC and pCO:a.
At the same time, the accumulated Cant at depth continues to spread through meridional
overturning circulation. However, the four centuries-long simulation is not long enough
for the deep Cant to reach the northern Pacific Ocean (Figure S3b), where the column
integrated Cant at the end of the simulation is reduced relative to that of 2000 (Figure 4d).
The fact that Cant is still not removed from the deep ocean suggests that the ocean carbonate
system experiences irreversible changes over the simulation period, and millennial
timescale persistent negative emissions would be required for this anthropogenic evidence

to be naturally removed from the ocean (Mathesius et al., 2015).

4. Summary and Discussions

In this study, we investigate the response of global carbon cycle in response to the
negative emissions through an idealized emission-driven experiment. The terrestrial and
oceanic systems act as natural sinks for anthropogenic carbon under positive emissions.
However, in response to negative emissions, the role of these carbon systems changes from
a sink to a source with a time lag of ~30 years. Following the zero emissions, the ocean
rapidly returns its role as a carbon sink, while the land continues to release carbon into the
atmosphere, providing an additional CO2 increase of ~50 ppm compared to the present-day
level. The CO2 concentration then reaches quasi-equilibrium during the restoring period.
The delayed response of respiration allows the continuous carbon release from the
terrestrial system with latitudinal dependency, leading to a reduction in land carbon stock.
In contrast, the accumulated anthropogenic carbon, transported to the deep ocean by ocean

circulation, cannot be naturally removed from the ocean interior within centuries and it
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would take several millennia to reach the present climate state only if deep waters return
to the sea surface under a lower atmospheric COz level than the oceanic pCO2 (Mathesius
et al., 2015). For this, the Southern Ocean would play an increasingly more important role
in venting out deeply sequestered anthropogenic COz to the atmosphere. Even if so, how
the global marine ecosystems would respond to such long-term disturbance and whether
these responses might be reversible are highly uncertain.

Both land and ocean act as a C sink for the first 30 years after the onset of the
negative emissions, contributing almost equally to the decrease in CO2 concentration, but
afterwards, they switch to a C source, reducing the efficiency of CDR. These results from
the CESM2 emission-driven experiments are consistent with previous studies based on
concentration-driven experiments (Boucher et al., 2012; Chimuka et al., 2022; Koven et
al., 2022; Park & Kug, 2022; Zickfeld et al., 2016b) but provide more direct information
about the role of land and ocean C cycle under the emission pathway towards negative
emissions, which can be considered in climate mitigation policies. It is noted that
continuous natural C emissions during the restoring period can cause the rebound of CO2
concentration (~50 ppm), implying that the initial recovery of CO: is temporary and
additional negative emissions are necessary for a complete return to the pre-industrial CO2
levels.

Furthermore, even if the CO2 concentration returns to its initial state, the climate
conditions could be irreversible for at least centuries due to the recovery of the AMOC,
which would induce surface warming, especially in high latitudes, in agreement with
previous studies (An et al., 2021; Schwinger et al., 2022b). This warming at high latitudes,

together with the rebound of CO2, would increase vegetation productivity (Zhu et al., 2016)
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as well as C release in permafrost (Schuur et al., 2015), thereby increasing the uncertainty
in terrestrial C fluxes. Therefore, further research is needed to understand the changes in
the C balance in permafrost regions.

As only the CESM2 model is used in this study, further research is needed in a
multi-model context. Previous studies have shown the significant differences in the
direction, magnitude or hysteresis lag of terrestrial and oceanic CO2 fluxes among Earth
System Models (ESMs) in the CDR reversibility experiment, the SSP5-3.4 overshoot
scenario and the Zero Emissions Commitment Model Intercomparison Project (Koven et
al., 2022; MacDougall et al., 2020; Park & Kug, 2022). Therefore, even under the same
emission pathways as in this study, the amount of natural C uptake during the increasing
COz period, the delayed C release from natural C reservoirs, and its timing may differ
between ESMs, resulting in different final states of CO2 concentrations and the climate
system.

Although most ESMs simulate the weakening and re-strengthening of the AMOC
in overshoot scenarios or CDR reversibility experiments, CESM2 shows a particularly
strong decline and rebound of the AMOC compared to other ESMs (Koven et al., 2022;
Schwinger et al., 2022a, b). This AMOC behavior leads to stronger cooling and warming
at high latitudes, which can affect various terrestrial ecosystem processes in the northern
high latitudes, including permafrost. That is, the different behavior of the AMOC between
ESMs increases uncertainties in both the climate system and the terrestrial CO2 fluxes
under negative emissions. Therefore, it is important to estimate the uncertainty in the
response of the global carbon cycle and the AMOC under negative emissions in a multi-

model framework and to consider this in the mitigation strategy.
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Figure 1. Global mean responses of surface CO: fluxes and the climate system in an
idealized negative emissions scenario. (a) Time-series of atmospheric CO2 accumulation
rate, anthropogenic CO2 emissions, land—atmosphere and ocean—atmosphere COz fluxes
(positive: surface to the atmosphere), and atmospheric COz concentrations. (b) Time-series
of the 11-year running means of global annual mean surface air temperature (SAT) and
precipitation (PRCP) and the strength of the Atlantic Meridional Overturning Circulation
(AMOC). The AMOC strength is defined as the average of the annual mean Atlantic
meridional ocean stream function from 35° to 45° N at a depth of 1,000 m. The solid lines
and shaded areas respectively show the ensemble mean and the range of 95% confidence
interval, based on the bootstrap method. The peak of anthropogenic emissions and the onset
of negative and zero emissions (restoring period) are indicated by the grey dashed vertical
line. The points of maximum and minimum CO:z levels are indicated by the red dashed

vertical line.
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Figure 2. Temporal evolution of global terrestrial carbon fluxes and stocks. (a) Time-series
of the annual mean land SAT and PRCP and the atmospheric CO2 concentration; (b) annual
net primary production (NPP), heterotrophic respiration (HR), fire C loss (Fire), and net
biome productivity (NBP); (c) annual mean vegetation, litter, and soil C stocks. All values
except for the CO2 concentrations are smoothed by the 11-year moving average. Solid lines
and shaded areas respectively show the ensemble mean and the range of 95% confidence

interval, based on the bootstrap method.
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Figure 3. Latitudinal differences in the evolution of the climate system and the terrestrial

carbon cycle. (a) Time-latitude diagrams of the annual mean anomalies of land SAT

(contour) and PRCP (shading) relative to the year 2000; (b) annual mean total terrestrial C

stock anomaly (contour) relative to the year 2000 and annual NBP (shading). All values

are the ensemble means and smoothed by the 11-year moving average. (c) Time-series of

the annual NPP and HR and the reconstructed HR from a multiple linear regression based

on climate factors (normalized SAT and PRCP) and factors associated with the terrestrial

C cycle (normalized NPP, litter C, and soil C) in the tropics and (d) the mid-high latitudes

(left axis: NPP, HR, and reconstructed HR; right axis: contributions of each factor to the

change of HR). All calculations were performed after taking the 11-year running mean and

all values are the ensemble mean.
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Figure 4. Temporal evolution of global ocean carbon systems. (a) Time-series of the
annual mean air-sea COz flux (blue), cumulative ocean CO2 uptake (red), partial pressure
of CO2 (pCOz2) in atmosphere (black) and ocean (grey). The solid lines and shadings
respectively show the ensemble mean and the range of 95% confidence level based on the
bootstrap method. (b) Time-latitude diagrams of annual mean changes in air-sea CO2 flux
anomaly. Selected black isolines represent the air-sea CO: flux from —0.2 to 0.2 PgCl/yr
with 0.1PgCl/yr difference levels. Dashed and solid lines mean negative and positive air-
sea CO: flux, respectively. Negative flux represents a carbon sink into the ocean. (c)
Contributions of changes in the ocean pCOz2 for each component; sea surface temperature
(SST), dissolved inorganic carbon (DIC), total alkalinity (ALK), and freshwater (FW). (d)

Cant inventory changes in the restoring period.
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